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Abstract 23 

Over the past decade, anomalously hot summers and persistent droughts frequented over the western 24 

United States (wUS), the condition similar to the 1950s and 1960s. While atmospheric internal variability is 25 

important for mid-latitude interannual climate variability, it has been suggested that anthropogenic external 26 

forcing and multidecadal modes of variability in sea surface temperature (SST), namely, the Pacific Decadal 27 

Oscillation (PDO) and Atlantic Multidecadal Oscillation (AMO), also affect the occurrence of droughts and hot 28 

summers. In this study, 100-member ensemble simulations for 1951–2010 by an atmospheric general circulation 29 

model (AGCM) were used to explore relative contributions of anthropogenic warming, atmospheric internal 30 

variability, and atmospheric response to PDO and AMO to the decadal anomalies over the wUS. By comparing 31 

historical and sensitivity simulations driven by observed sea surface temperature, sea ice, historical forcing 32 

agents, and non-warming counterfactual climate forcing, we found that large portions of recent increases in mean 33 

temperature and frequency of hot summers (66% and 82%) over the wUS can be attributed to the anthropogenic 34 

global warming. In contrast, multidecadal change in the wUS precipitation is explained by a combination of the 35 

negative PDO and the positive AMO after the 2000s. Diagnostics using a linear baroclinic model indicate that 36 

AMO- and PDO-related diabatic heating anomalies over the tropics contribute to the anomalous atmospheric 37 

circulation associated with the droughts and hot summers over wUS on multidecadal timescale. Those anomalies 38 

are not robust during the periods when PDO and AMO are in phase. The prolonged PDO–AMO antiphase period 39 

since the late 20th century resulted in the substantial component of multidecadal anomalies in temperature and 40 

precipitation over the wUS. 41 
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1. Introduction 43 

Since the late 20th century, mean temperature and frequency of warm extremes have both remarkably 44 

increased over land (e.g. Hansen et al. 2012; Perkins et al. 2012). Anthropogenic influences including 45 

human-induced greenhouse gases emissions play an essential role in the observed climate change during the 46 

recent six decades (e.g. Jones et al. 2013; IPCC 2013). In addition, intrinsic variability in the climate system also 47 

influences decadal-to-centennial climate trends particularly during the winter season (Hawkins and Sutton 2009; 48 

Deser et al. 2012). Since the end of the 20th century, substantial decadal-to-multidecadal variations (DMV) in 49 

the rate of global-mean temperature increase have been observed. Particularly, temperature and precipitation 50 

trends during these decades exhibit substantial regionality associated with anomalous atmospheric circulations, 51 

suggesting an important role of natural climate variability (e.g. Horling et al. 2010; Wang et al. 2013; Kamae et 52 

al. 2014a, b, 2015; Ueda et al. 2015; Gu et al. 2016; Zhou and Wu 2016). The literature suggested an importance 53 

of sea surface temperature (SST) DMV over the Indian (Luo et al. 2012), Atlantic (McGregor et al. 2014; Li et al. 54 

2016), and Pacific (Kosaka and Xie 2013; England et al. 2014; Watanabe et al. 2014) Oceans. Anomalous 55 

convective activity over the tropics associated with the SST variations can influence mid-latitude climate 56 

variations via changing atmospheric circulations (Trenberth et al. 2014; Ding et al. 2014; Ueda et al. 2015). 57 

Climate extremes including multi-year droughts, pluvials and warm extremes have been a recurrent 58 

feature of the western United States (wUS; e.g. Cook et al. 2007). Since around the year 2000, extreme hot 59 

summers and persistent droughts were frequently observed over the wUS (e.g. Seager and Hoerling 2014; 60 

Shiogama et al. 2014; Delworth et al. 2015) despite a slowdown of global-mean surface warming (e.g. Kosaka 61 
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and Xie 2013; Fyfe et al. 2016; detailed in Sects. 3.1 and 3.2). Droughts and heat waves are coupled via 62 

land-atmosphere interaction over semi-arid regions (Mueller and Seneviratne 2012). Less precipitation over the 63 

wUS tends to be associated with cool SST over the tropical eastern Pacific (e.g. Ting and Wang 1997; Wang and 64 

Schubert 2014). In addition to the El Niño Southern Oscillation (ENSO), Pacific SST DMVs associated with the 65 

Interdecadal Pacific Oscillation (IPO) or Pacific Decadal Oscillation (PDO; Mantua et al. 1997; Power et al. 66 

1999; Deser et al. 2004; Newman et al. 2016) also contribute to precipitation variability (Seager et al. 2005; 67 

Meehl and Hu 2006; Cook et al. 2011; Dai 2013; Seager and Hoerling 2014; Burgman and Jang 2015; Delworth 68 

et al. 2015). Other analytical and numerical studies, on the other hand, suggested the importance of Atlantic SST 69 

anomaly on the wUS precipitation variation (Sutton and Hodson 2005, 2007; Kushnir et al. 2010; Cook et al. 70 

2011; Feng et al. 2011). Kushnir et al. (2010) revealed that the atmospheric response to deep-tropospheric 71 

diabatic heating associated with the warm Atlantic SST contributes to a reduction of precipitation over central 72 

North America via changing atmospheric circulations. 73 

Both the anthropogenic influence and the naturally-generated climate variations affect mean SAT, 74 

precipitation and climate extremes over the middle latitudes including the wUS (e.g. Meehl et al. 2007; Jones et 75 

al. 2013; Shiogama et al. 2014; Diffenbaugh et al. 2015; Xie et al. 2015). However, the forced component of the 76 

climate variations is difficult to detect due to the predominant atmospheric internal variability in the middle 77 

latitudes. Kamae et al. (2014a) decomposed historical variations of warm extremes over land into anthropogenic 78 

influence and naturally-generated climate variation by using 10-member ensemble atmospheric general 79 

circulation model (AGCM) simulations. The relative importance of atmospheric internal variability is 80 
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predominant in the variation of the frequency of hot summers over the middle latitudes (Fig. 2c in Kamae et al. 81 

2014a). By using results of ensemble AGCM simulations prescribed with observed SST, contributions of 82 

anthropogenic forcing and naturally-generated climate variability to observed climate anomalies including the 83 

warm and dry wUS climate in the 2000s can be examined. In addition, coarser resolution models are not well 84 

suited for reproducing regional atmospheric circulation and seasonal precipitation patterns over the wUS because 85 

the regional climate system is associated with complex terrain (Langford et al. 2014; Brewer and Mass 2016). In 86 

this study, we examine the relative importance of anthropogenic influence, atmospheric internal variability, and 87 

atmospheric response to naturally-generated SST variation in the historical variations over land including the 88 

wUS on different timescales. For this purpose, we use a high-resolution, 100-member ensemble AGCM 89 

simulation for 1951–2010. Using the large ensemble enables to examine relative importance of forced 90 

atmospheric variation to SST variability modes compared with internal atmospheric variability. We focus on 91 

mean temperature, frequency of hot summers, and precipitation over land during boreal summer. Section 2 92 

describes the data and methods including observations, reanalysis and modeled data analyzed in this study. 93 

Section 3 presents the historical climate variations over the Northern Hemisphere land areas and the wUS. We 94 

also quantify the anthropogenic influence the wUS climate variation. Section 4 examines roles of DMV in SST 95 

over the Pacific and Atlantic in the wUS climate variations. Section 5 evaluates relative contributions of forced 96 

atmospheric response and internal variability to the historical climate variation on different timescales. In Sect. 6, 97 

we present a summary and discussion. 98 

 99 
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2. Data and methods 100 

2.1. Observations and reanalysis 101 

We used CRU TS v3.23 dataset (Harris et al. 2014) as reference data representing the observed climate 102 

state for 1901–2010. We used monthly mean surface air temperature (SAT) data in 0.5° × 0.5° spatial resolution 103 

to examine historical variations of mean temperature and frequency of hot summers over land (Sect. 2.4). We 104 

mainly used SAT for 1951–2010 to compare with modeled climate variation (Sect. 2.2). For examining surface 105 

and three dimensional atmospheric states for 1958–2010, the Japanese 55-year Reanalysis (JRA-55; Kobayashi 106 

et al. 2015) was used. Data in 0.5° × 0.5° and 1.25° × 1.25° spatial resolutions were used in the analyses for 107 

surface and three dimensional variables, respectively. For global precipitation (including over the ocean), the 108 

dataset of the Global Precipitation Climatology Project (GPCP; version 2.2; Alder et al. 2003) was used to 109 

examine multidecadal precipitation variability during 1979–2010. Historical variations in SST were examined by 110 

using HadISST (Rayner et al. 2003) at 1.0° × 1.0° spatial resolution. 111 

 112 

2.2. Large ensemble in an AGCM 113 

In this study, large-ensemble historical simulations with a high-resolution AGCM (Mizuta et al. 2016) 114 

were used to examine SST- and emission-forced climate response and atmospheric internal variability for 1951–115 

2010. The Meteorological Research Institute Atmospheric General Circulation Model (MRI-AGCM) version 3.2 116 

(Mizuta et al. 2012) was used for 100-member ensemble historical simulations. The model was run at a 117 

horizontal resolution of TL319 (equivalent to 60-km mesh) with 64 vertical layers (Murakami et al. 2012). For 118 
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the ensemble historical simulations (hereafter ALL run), the AGCM was driven by observation-based SST and 119 

sea ice (Hirahara et al. 2014) and historical radiative forcing agents (greenhouse gases, aerosols, and ozone) for 120 

1951–2010. The ozone concentration was based on results of Reference Simulation 2 for the Chemistry Climate 121 

Models Validation (Eyring et al. 2005) using the MRI Chemical Transport Model (Shibata et al. 2005). The 122 

aerosols were derived from the results of a present-day experiment using a prototype version of MRI Earth 123 

System Model version 1 (MRI-ESM1; Yukimoto et al. 2011), in which the historical emission flux and the 124 

surface emission inventories were prescribed. 5-year running mean of the ozone and aerosols were incorporated 125 

into the AGCM. To develop 100-member ensemble, SST perturbations based on SST analysis error (Hirahara et 126 

al. 2014) were added to the observed SST to account for uncertainties. The perturbations consist of Empirical 127 

Orthogonal Functions (EOFs) of the interannual variations (IAV) of the SST analysis. The amplitude of the 128 

perturbation is set to be 30% of the standard deviation of the interannual SST variability. Spread in climate 129 

response due to the perturbed SST is comparable to that due to initial condition perturbations (Mizuta et al. 130 

2016). Sea ice concentration was derived from a quadratic equation on sea-ice-SST relationship (Hirahara et al. 131 

2014). By using the 100-member ensemble, the ensemble mean and the deviation of each member from the 132 

ensemble mean can be regarded as approximations of forced atmospheric response and internal variability, 133 

respectively (Sect. 5). Note that the ensemble mean is also affected by internal variability modes in the 134 

atmosphere-ocean coupled system (e.g. PDO). 135 

In order to decompose anthropogenic warming and naturally-generated climate variations, 100-member 136 

non-warming simulations (hereafter NW run) were conducted. Greenhouse gases were fixed at the level of 1850 137 



9 
 

while ozone was fixed at the level of 1960 in MRI-ESM1 simulation. Sulfate, black carbon, and organic carbon 138 

were fixed at climatology of the pre-industrial simulation. Other prescribed aerosols including soil and sea salt 139 

particles were identical to the ALL run. In the NW run, the EOF1 mode of SST during 1951–2010 (Hirahara et al. 140 

2014), which approximately present the linear trend pattern, was removed from the prescribed SST. Here the 141 

anthropogenic influence is assumed to be dominant for the linear trend pattern subtracted from the prescribed 142 

SST. Note that effects of low-frequency natural climate fluctuations could be reduced by subtracting the linear 143 

trends. However, effects of PDO and AMO are almost not removed because both of the two do not show 144 

monotonic trends for this period (see Sect. 3.2). Further discussion on the decomposition method can be found in 145 

Christidis and Stott (2014) and Shiogama et al. (2014, 2016). The SST perturbation identical to the ALL run was 146 

added to the detrended SST. More details on this dataset called Database for Probabilistic Description of Future 147 

Climate Change (d4PDF), including experimental setup of the ALL and NW runs, general representation of 148 

climatological spatial patterns and historical variation of the current climate, can be found in Mizuta et al. (2016) 149 

and Shiogama et al. (2016). 150 

 151 

2.3. Linear baroclinic model 152 

To diagnose the atmospheric circulation response to specified convective heating associated with DMV 153 

over the tropics, we used a linear baroclinic model (LBM; Watanabe and Kimoto 2000) based on primitive 154 

equation linearized around the observed June-July-August (JJA) mean atmospheric state as represented by 155 

NCEP/NCAR reanalysis. The model used is a version with T42 resolution in the horizontal and 20 sigma levels 156 
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in the vertical. The model was forced by anomalous diabatic heating in the tropical atmosphere. Experimental 157 

setups including imposed diabatic heating are described in Sect. 4.2. 158 

 159 

2.4. Definition of hot summers 160 

In this study, hot summers were defined by using climatology and two standard deviations of 161 

monthly-mean SAT (Hansen et al. 2012, Kamae et al. 2014a). First, long-term variability and linear trend for 162 

1958–2010 were extracted from the SAT in each month and at each grid point. Next, climatology and standard 163 

deviations were calculated using the period 1958–2010. We define hot summers as those SAT anomalies exceed 164 

two standard deviations. The frequency of hot summers in the Northern Hemisphere land areas was calculated by 165 

averaging over the area for each month and then averaged during JJA for each year. Previous studies used a 166 

shorter period (1951–1980) for calculating climatology and standard deviations (Hansen et al. 2012; Kamae et al. 167 

2014a), and the frequency of hot summers can be biased outside the reference period (Zhang et al. 2005; Sippel 168 

et al. 2015). We tested the sensitivity of results to different reference periods and confirmed that interannual and 169 

multidecadal variations in frequency of hot summers were qualitatively consistent. However, the amplitudes of 170 

the fluctuations were generally larger when the shorter reference period was used. In this study, we used 1958–171 

2010 as the reference period to avoid exaggerated estimates of the temperature variations outside the reference 172 

period. 173 

 174 

3. Anthropogenic and natural variability effects 175 
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3.1. Global variations 176 

In this section, we examine the general reproducibility of historical climate variations in the ALL run by 177 

comparing with observations over the Northern Hemisphere land areas during JJA. Figure 1 shows historical 178 

variations of SAT and frequency of hot summers in CRU TS v3.23 (1901–2010), JRA-55 (1958–2010), ALL and 179 

NW runs (1951–2010). In all the time series, remarkable IAV, DMV, and long-term increasing trends in SAT and 180 

frequency of hot summers can be found since the late 20th century. DMV in SAT is characterized by cooling in 181 

the early 20th century (found in CRU TS v3.23) and in the 1960s to 1970s and warming in the 1930s to 1940s 182 

and substantial warming trend from the 1980s to present, similar to other datasets (Jones et al. 2013; IPCC 2013). 183 

The ensemble AGCM simulations since 1951 capture both the IAV and DMV including the recent warming 184 

period. The IAV in SAT is similar to the NW run because much of the IAV in the ensemble mean is atmospheric 185 

response to the SST variations including ENSO (Kamae et al. 2014a). The recent warming period is largely due 186 

to the effect of anthropogenic warming, as indicated by the difference between the ALL and NW runs (Sect. 2.2), 187 

with contribution from the naturally-generated DMV (Kamae et al. 2014a; Watanabe et al. 2014). In the 2000s, 188 

summertime warm extremes were frequently observed compared with the late 20th century (Fig. 1b; Hansen et al. 189 

2012; Kamae et al. 2014a). The Pacific and Atlantic SST DMV (Zhou and Wu 2016) and direct anthropogenic 190 

influences (Kamae et al. 2014a) are important for the decadal-scale increase in frequency of hot summers in the 191 

early 21st century despite the slowdown of the annual-mean global-mean SAT increase (e.g. Kosaka and Xie 192 

2013; Fyfe et al. 2016). 193 
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Figure 2 shows spatial distributions of anomalies in SAT and frequency of hot summers during 2000–194 

2010 compared with 1978–1999. The averaging periods correspond to different phases of the PDO and AMO 195 

(detailed below). Both JRA-55 and CRU TS v3.23 (not shown) exhibit statistically-significant warming over the 196 

broad land areas particularly in the mid-latitude Northern Hemisphere (Fig. 2a; Kamae et al. 2014a, b). Although 197 

the ensemble mean of the ALL runs (Fig. 2b) also shows a large warming over the middle latitude, it does not 198 

reproduce the substantial spatial asymmetry in observations (e.g. cold anomalies over Central Canada and 199 

Central Asia and amplified warming over Central and Eastern Europe and East Asia; Fig. 2a), suggesting the 200 

importance of internal atmospheric variability and/or the effect of model biases. 201 

Over the last decade, the substantial increases in SAT and extremely warm events with persistent drought 202 

were found over the wUS (150°W–120°W; 25°N–50°N; black rectangle in Fig. 2), distinct from the eastern US 203 

(Fig. 2a, c; Meehl et al. 2012; Sheffield et al. 2013; Perin et al. 2016). The ensemble mean of the AGCM runs 204 

can partly capture the warming and increasing warm extremes over the wUS (Fig. 2b. d), suggesting the 205 

importance of forced atmospheric response on the multidecadal timescale. In the next section, we focus on IAV 206 

and DMV of the wUS summertime climate. 207 

 208 

3.2. Western US 209 

Figure 3 shows historical variations of SAT, frequency of hot summers and precipitation over the wUS. 210 

Large variations can be found on interannual and multidecadal timescales: warm and dry periods in the 1950s, 211 

1960s and 2000s and cool and humid periods in the 1980s to 1990s, consistent with previous reports (e.g. Seager 212 
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et al. 2005; Dai 2013). The model does not reproduce the substantial IAV (e.g. cooling in 2004 and warming in 213 

2006; Fig. 3a–c), suggesting the importance of mid-latitude stochastic internal variability in the atmospheric 214 

circulation. In contrast, DMV (e.g. the cool 1970s and warm 1950s, 1990s to 2000s and the humid 1980s to 215 

1990s and the dry 1950s and 2000s) is found in the ALL run (Fig. 3d–f). Note that the ensemble mean of the 216 

AGCM simulations does not reproduce the reduced precipitation in the 1970s relative to the 1960s (Fig. 3f). The 217 

DMV which are simulated in the ALL run are also found in the NW run (except the long-term warming trend), 218 

suggesting the important contributions from the naturally-generated SST variations. Here differences in decadal 219 

time series between ALL and NW runs are found in SAT and frequency of hot summers (ALL run shows lower 220 

and higher values than NW run before and after the 1970s, respectively) but are not apparent for precipitation 221 

(Fig. 3d–f), suggesting different contributions of naturally-generated DMV to temperature and precipitation. The 222 

anomalies averaged for 2000–2010 compared with 1978–1999 are summarized in Table 1. The observed high 223 

SAT, frequent hot summers, and reduced precipitation are qualitatively reproduced in the ensemble mean of ALL 224 

run and these anomalies are statistically significant. The majority of the warming and increasing frequency of hot 225 

summers (66% and 82%) can be attributed to the anthropogenic influence and the remainders (34% and 18%) 226 

result from the NW simulation. As for precipitation, naturally-generated variations contribute to 44% of the 227 

recent DMV over the wUS. Although dynamic contributions (i.e. related to atmospheric circulation) to the 228 

regional DMV (Wallace et al. 2015; see Sect. 4) are important for both precipitation and temperature in the wUS, 229 

relative contribution of long-term trend to DMV in precipitation is smaller than that of SAT because 230 

temperature-related thermodynamic contribution is limited for precipitation (Fig. 3f; Deser et al. 2012). 231 
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The wUS DMV in SAT, hot summers and precipitation shown in Fig. 3 correspond well with PDO and 232 

AMO. Figure 3g shows 11-yr running means of PDO index (http://research.jisao.washington.edu/pdo/) and 233 

AMO index from Trenberth and Shea (2006; http://www.cgd.ucar.edu/cas/catalog/climind/AMO.html) based on 234 

HadISST (Rayner et al. 2003) for 1901–2010. Since the late 20th century, PDO and AMO tend to have opposite 235 

signs. During the period with negative PDO and positive AMO (1951–1965 and 2003–2010), the wUS tends to 236 

be warmer and dryer (Fig. 3d–f) compared with the period with positive PDO and negative AMO (1978–1999; 237 

Fig. 3d–f). The recent global-warming hiatus (e.g. Delworth et al. 2015) is concurrent with a negative PDO and 238 

positive AMO. 239 

The Pacific and Atlantic SST variations influence the wUS climate on interannual-to-multidecadal 240 

timescales (e.g. Seager et al. 2005; Meehl and Hu 2006; Cook et al. 2011; Dai 2013). Despite the dominant role 241 

of ENSO in IAV in wintertime precipitation, the Atlantic Ocean contributes substantially to the summertime 242 

precipitation (Feng et al. 2011). However, the AMO effect examined in AGCMs does not fully explain the total 243 

precipitation variability over the wUS (Fig. 7 in Mo et al. 2009; Fig. 4 in Hu et al. 2011). Mo et al. (2009) 244 

revealed that the direct influence of the Atlantic SST is limited but a combination of warm (cool) Atlantic and 245 

cool (warm) Pacific results in amplified precipitation variability over the wUS. Hu and Feng (2012) suggested 246 

that the Atlantic influence on the summertime precipitation over the tropical and subtropical North America is 247 

sensitive to the Pacific SST anomaly. These studies suggested an importance of combination of PDO and AMO 248 

on the wUS climate. In the next section, we try to decompose the DMV of historical climate over the wUS into 249 
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internal atmospheric variability and forced atmospheric response to SST variability over the Pacific and Atlantic 250 

Oceans by using the large ensemble simulation. 251 

 252 

4. Global variability associated with the western-US climate on decadal-to-multidecadal timescale 253 

4.1 SST, atmospheric circulation and precipitation 254 

In this section, we examine forced atmospheric response to the Pacific and Atlantic SST variability on 255 

multidecadal timescale. Figure 4 shows DMV in precipitation and SST associated with negative PDO and 256 

positive AMO. We detrended the variables for 1951–2010 before making a composite of “negative PDO and 257 

positive AMO” periods (1951–1968 and 2003–2010) minus “positive PDO and negative AMO” period (1978–258 

1999). Substantial regionality in the precipitation anomaly including reduced precipitation over the mid-latitude 259 

wUS (Figs. 3c, f, 4a) and East Asia (Ueda et al. 2015) is accompanied with negative tropical eastern Pacific and 260 

positive North Atlantic SST anomalies (Fig. 4c). Meanwhile, increased precipitation is found over tropical 261 

Central and South America (Fig. 4a). These precipitation anomalies can be found in the AGCM simulations with 262 

statistical significance (Fig. 4b). The NW run also exhibits a similar precipitation pattern (Fig. S1 in the online 263 

supplement). The interhemispheric SST gradient between the Northern (warm) and Southern (cool) Atlantic 264 

associated with the AMO (Fig. 4c) intensifies summertime rainfall in the intertropical convergence zone (ITCZ) 265 

over North Africa, Atlantic Ocean and Central and northern South America (Fig. 4a, b; Zhang and Delworth 266 

2006; Mohino et al. 2011; Brönnimann et al. 2015). 267 
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Previous studies showed a dominant contribution of the tropical eastern Pacific SST to the wUS 268 

precipitation variability (Seager et al. 2005; Meehl and Hu 2006; Dai 2013; Burgman and Jang 2015; Delworth 269 

et al. 2015). Figure 5 shows a composite of “negative-PDO and negative-AMO” period (1966–1977) minus 270 

“positive-PDO and positive-AMO” period (2000–2002). SST anomalies over the eastern tropical Pacific and the 271 

Atlantic are similar and opposite to those in Fig. 4, respectively. Over the North Pacific, SST and precipitation 272 

anomalies are quite different between the two (e.g. reduced and increased rainfall around the Hawaii Islands in 273 

Figs. 4b and 5b, respectively), except the high SST anomaly over the mid-latitude eastern North Pacific (140°W; 274 

35°N). The precipitation anomaly over North America (Fig. 5) is distinct from Fig. 4, suggesting that the Atlantic 275 

SST is also important for the DMV in wUS precipitation in addition to the eastern Pacific SST. 276 

DMV in tropical precipitation drives anomalous atmospheric circulation patterns from the tropics to 277 

middle latitude (Kushnir et al. 2010; Trenberth et al. 2014; Ding et al. 2014). Figure 6 shows satellite-based 278 

precipitation anomaly associated with DMV in SST over the Pacific and Atlantic Ocean since 1979 (2003–2010 279 

minus 1979–1999). Note that the comparing period is slightly different from Fig. 4 because of limited data 280 

availability. Rainfall anomalies over the tropical Pacific, Atlantic and wUS are overall consistent with land 281 

observations and the AGCM simulations (Fig. 4a, b). Note that differences between the ensemble mean of the 282 

AGCM simulations (Fig. 4b) and observations (Fig. 6; e.g. middle and high latitudes North Atlantic, North 283 

Indian Ocean, western North Pacific, and middle latitude North Pacific) are not negligible. Figure 7 shows 284 

atmospheric circulation anomalies associated with the negative PDO and positive AMO (1958–1968 and 2003–285 

2010 minus 1978–1998). Low-level cold and dry northerly and northwesterly anomaly over the wUS associated 286 
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with an intensified North Pacific anticyclone (positive geopotential height over the North Pacific; Fig. 7a) results 287 

in a reduction of summertime precipitation over the wUS (Figs. 4a, 6; e.g. Dai 2013). In addition, the warm 288 

tropical Atlantic (Fig. 4c) induces Gill-type atmospheric response (i.e. anomalous upper-level subtropical 289 

anticyclones over Africa, Atlantic Ocean and America; Kamae et al. 2014a, and low-level cyclonic circulation 290 

including easterly over Florida and westerly over south of Gulf of Mexico) and resultant reduction of moisture 291 

advection from the Gulf of Mexico to Central North America (Fig. 7a; Kushnir et al. 2010; Feng et al. 2011; Hu 292 

and Feng 2012). The observed anomalies above are consistent with those in the ensemble mean of the ALL run 293 

(Fig. 7b) and the NW run (Fig. S2 in the online supplement), indicating a contribution of forced atmospheric 294 

response to the natural DMV in SST (Fig. 4c). In addition, a mid-latitude wave-like pattern from the Pacific to 295 

Atlantic (positive upper-level geopotential height anomaly over the North Pacific, south of Greenland, the 296 

Canary Islands and negative anomaly over Canada and North Atlantic) can be found both in observations and the 297 

forced atmospheric response in the AGCM run (Fig. 7a, b). Note that the forced atmospheric response to the SST 298 

DMV obtained from the ensemble mean is generally smaller than that in the reanalysis, suggesting an important 299 

role of atmospheric internal variability. 300 

 301 

4.2 Atmospheric response to tropical forcing 302 

During the period from the end of the 20th century to the early 21st century, the large DMV in the tropical 303 

SST affects the mid-latitude climate by changing tropical convection and atmospheric circulations (Trenberth et 304 

al. 2014; Ding et al. 2014; Ueda et al. 2015). To understand physical relationship between the DMV in tropical 305 
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precipitation (Figs. 4, 6) and the middle latitude atmospheric circulation (Fig. 7), idealized simulations were 306 

performed by using LBM (Sect. 2.3). In Fig. 6, statistically-significant precipitation anomalies on multidecadal 307 

timescale are found on the edge of ITCZ in the tropical eastern Pacific (ePac; centered at 140°W, 20°N) and over 308 

the tropical Atlantic-to-African ITCZ (tAtl; centered at 5°W, 12°N; rectangles in Fig 6). It is worthwhile to note 309 

that these precipitation anomalies cannot be found during the in-phase period of the PDO and AMO (Fig. 5). 310 

Figure 8 shows profiles of climatological condensational heating over ePac and tAtl. Near-surface cooling 311 

associated with the evaporation of cloud water is common to both regions while substantial heating is found in 312 

the lower troposphere over ePac and in the middle troposphere over tAtl (e.g. Yanai and Tomita 1998; Shige et al. 313 

2008; Hagos et al. 2010). Peak levels of anomalies associated with the DMV are similar to the climatologies 314 

over ePac (not shown) and tAtl (Fig. 5b in Kushnir et al. 2010). To conduct LBM simulations, tropospheric 315 

cooling and heating were made based on area-averaged precipitation anomalies in Fig. 6. The imposed heating 316 

exhibits an oval shape with a spread of 40° (50°) longitude and 12° latitude over ePac (tAtl) with a heating 317 

maximum at the center. Over ePac (tAtl), the cooling (heating) has a shallow (deep) vertical structure that peaks 318 

at ~900 (450) hPa, where the maximum cooling (heating) rate is –0.43 (0.19) K day-1. The response at day 20 is 319 

analyzed when the model reaches a quasi-steady state. 320 

Figure 9 shows quasi-steady atmospheric responses to the tropical heating/cooling. The diabatic cooling 321 

due to the reduced condensation heat release over ePac (blue circle in Fig. 9a) induces a local low-level cyclonic 322 

anomaly over the tropical Pacific and upper-level anticyclonic anomaly over the North Pacific. In the lower 323 

troposphere, an anticyclonic circulation anomaly and northerly anomaly can be found over the North Pacific and 324 
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the wUS (Fig. 9a). The upper-level wave-like pattern from the mid-latitude Pacific to Atlantic (Fig. 9a) is similar 325 

to observations and the ALL run (Fig. 7). The heating anomaly over tAtl results in upper-level subtropical 326 

anticyclones and low-level cyclonic circulation over the Gulf of Mexico (easterly over Florida and westerly over 327 

south of Gulf of Mexico; Fig. 9b; Kushnir et al. 2010; Feng et al. 2011), consistent with observations (Fig. 7). 328 

These results indicate that the atmospheric responses to the two condensational heating can largely explain the 329 

observed anomalies in the atmospheric circulation over the Pacific to Atlantic Oceans and associated wUS 330 

precipitation (Figs. 4, 6, 7). Note that the simulated steady responses in the geopotential height and atmospheric 331 

circulation are relatively weaker than observations and the ALL run. Contributions from other factors including 332 

middle latitude SST anomalies may also be important for the DMV in atmospheric circulation and precipitation 333 

(Ting and Wang 1997; Burgman and Jang 2015).  334 

 335 

5. Internal variability and forced atmospheric response 336 

As shown in the previous sections, the forced atmospheric responses to the SST DMV associated with 337 

PDO and AMO over the wUS (Figs. 4b, 7b) are consistent with observations since the late 20th century (Figs. 4a, 338 

6, 7a) when the PDO and AMO tend to be opposite in phase (Figs. 3–5). The idealized model simulation also 339 

supports the tropical influence on the DMV in the mid-latitude atmospheric circulation (Fig. 9). These results 340 

suggest that the forced atmospheric response to the SST DMV is important for the DMV in mid-latitude climate 341 

despite internal atmospheric variability (e.g. Deser et al. 2012). In this section, we compared forced signal and 342 
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internal atmospheric variability using the ensemble simulations. Here a ratio R of forced response to internal 343 

variability (signal-to-noise ratio; Mei et al. 2014, 2015) can be determined as: 344 

,     (1) 345 

where σF (forced response) is the standard deviation of the ensemble mean and σI (internal variability) is the 346 

standard deviation of the departures from the ensemble mean in the 100 members. Before the calculation, 347 

long-term trends (for 1951–2010) were removed from variables. A large R indicates a relatively important role of 348 

forced response compared with internal variability and thus a high potential predictability. We examine R on two 349 

different timescales: interannual (shorter than 15 years) and multidecadal (longer than or equal to 15 years). To 350 

examine R on multidecadal timescales, 15-yr running mean of given variables were used for calculating σF and σI. 351 

Residuals obtained by removing the running mean were used for calculation R on interannual timescale. We also 352 

tested results by using other criteria (e.g. 11 years) and confirmed that spatial patterns and relative importance 353 

(detailed below) were not sensitive to selection of criteria. 354 

Figure 10 compares R during JJA for 1951–2010 on the two timescales. In general, contribution of 355 

atmospheric internal variability to the mid-latitude high-frequency (shorter than 15 years) variability is dominant 356 

(Fig. 10a, c; e.g. Madden 1976). In the middle latitudes, R is larger (i.e. the relative contribution of SST-forced 357 

response becomes more dominant) for low-frequency (longer than or equal to 15 years) variability (Fig. 10b, d) 358 

than for the high-frequency variability (Fig. 10a, c). R is also larger over the tropics and Greenland on the longer 359 

timescale. Although large R values in precipitation on both timescales are generally confined to the tropics (Fig. 360 

10c, d), they can also be found over the mid-latitude wUS, North Africa, northern India and southeastern China. 361 
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These results suggest a potential higher predictability of the SAT and precipitation on multidecadal than 362 

interannual timescale. Figure 11 shows R during December, January and February. The dominant role of 363 

middle-latitude atmospheric internal variability during boreal winter (e.g. Deser et al. 2012) results in a smaller R 364 

than JJA. For mid-latitude SAT, R is also larger on multidecadal than interannual timescale (Fig. 11a, b), 365 

although R for wintertime precipitation is not substantially different between the two timescales (Fig. 11c, d). We 366 

also confirmed that results of the NW run (Figs. S3 and S4 in the online supplement) are generally similar to 367 

Figs. 10 and 11 because long-term trend were removed before calculating R and IAV and DMV are similar 368 

between the two runs. 369 

The prolonged periods with oppositely phased PDO and AMO since the late 20th century result in the 370 

substantial forced atmospheric response to the SST variability over the wUS during boreal summer on the 371 

multidecadal timescale. In contrast to winter, relatively weaker influence of atmospheric internal variability (e.g. 372 

Deser et al. 2012) results in the larger R during the summer, suggesting a potential predictability of summertime 373 

climate on the multidecadal timescale. Note that the DMV in summertime wUS climate is substantially weaker 374 

during the periods when PDO and AMO are in phase (Fig. 5), suggesting that the wUS R could be sensitive to 375 

relative phase between the two modes. 376 

 377 

6. Summary and discussion 378 

By comparing observations and the large member ensemble AGCM simulations, we have evaluated the 379 

SST-forced atmospheric response in the middle latitudes for the recent 60 years. The anthropogenically-induced 380 
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climate trends contributed to the long-term increase in mean temperature and frequency of hot summers over the 381 

wUS and the Northern Hemisphere land areas. On the decadal-to-multidecadal timescale, the remarkable 382 

SST-forced signal is identified in the wUS summertime climate. PDO and AMO tend to be in opposite phase 383 

since the late 20th century, resulting in the amplified DMV in the wUS climate. During the negative PDO and 384 

positive AMO periods, low-level northerly wind anomaly over the wUS and cyclonic circulation anomaly over 385 

the subtropical North Atlantic result in reduced moisture advection and summertime precipitation over central 386 

and western North America. The wave-like atmospheric circulation pattern associated with the DMV can largely 387 

be reproduced by the AGCM runs and the idealized atmospheric simulations, indicating the importance of 388 

atmospheric teleconnections initiated by the tropical diabatic heating associated with the negative PDO and 389 

positive AMO. The recent wUS climate anomaly since the early 21st century (persistent warm and dry condition) 390 

can partly be attributed to the DMV modes over the Pacific and Atlantic. The robust forced component of wUS 391 

summertime climate anomalies suggests a potential predictability on multidecadal timescale. 392 

In this study, we only focused on the atmospheric variables including air temperature, precipitation and 393 

atmospheric circulation. SAT variation over land is also tightly associated with the regional hydrological cycle 394 

(runoff, precipitation minus evaporation, and soil moisture content; Seneviratne et al. 2010; Langford et al. 2014; 395 

Chikamoto et al. 2015; Yoon and Leung 2015). Variation in soil moisture (including drought) influences on the 396 

surface energy balance and resultant variations in frequency of extreme climate events including heat waves 397 

(Mueller and Seneviratne 2012). The effect of land hydrological cycle and underlying physical mechanisms 398 

should be examined in future studies. 399 
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This study demonstrated the utility of the 100-member ensemble in isolating the forced atmospheric 400 

response (i.e. high statistical significance despite the substantial internal atmospheric variability in the middle 401 

latitudes; e.g. Mori et al. 2014). The good reproducibility of the global climate variations highlights the potential 402 

for probabilistic attribution studies. We only examined monthly-mean data, but extreme climate phenomena on 403 

the sub-daily, daily, and weekly timescales should be further examined (i.e. tropical cyclones, atmospheric 404 

blocking, severe storms and resultant temperature, wind and precipitation extremes). In addition, the high 405 

resolution model is suitable for examining variations in regional atmospheric circulation and rainfall patterns 406 

induced by orography (Xie et al. 2006; Endo et al. 2012; Kusunoki and Arakawa 2012; Langford et al. 2014; 407 

Nakaegawa et al. 2014). The use of this ensemble dataset also aids risk assessments via statistical analyses of the 408 

high-impact climate events. 409 
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Table captions 609 

 610 

Table 1. Anomalies over the western US during 2000–2010 relative to 1978–1999. ALL and NW lines represent 611 

results of 100-member AGCM simulations and non-warming simulations, respectively. ANT line is 612 

anthropogenic influence, determined by ALL minus NW (Sect. 2.2). Uncertainty ranges represent 95% 613 

confidence intervals 614 

  615 
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Figure captions 616 

 617 

Fig. 1 (a) Surface air temperature (SAT; K) anomalies averaged over the Northern Hemisphere land areas during 618 

June-July-August (JJA) relative to 1958–1990 mean. Black and gray lines represent JRA-55 (1958–2010) 619 

and CRU TS v3.23 (1901–2010), respectively. Red and blue lines and shadings are ensemble mean and 95% 620 

confidence interval of 100-member ALL and NW runs (1951–2010), respectively. (b) Similar to (a) but for 621 

anomalies (relative to 1958–1990) of areal fraction of hot summers (%) determined by mean and two 622 

standard deviation of SAT during 1958–2010 (see section 2.4) 623 

 624 

Fig. 2 (a) JJA-mean SAT anomaly (K) during 2000–2010 relative to 1978–1999 in JRA-55. Stipples indicate 625 

regions with statistically significant anomaly at 95% confidence level. Black rectangle represents the 626 

western US region used in this study. (b) Similar to (a) but for ALL run. (c, d) Similar to (a, b) but for 627 

frequency of hot summers (%) 628 

 629 

Fig. 3 (a, b) Similar to Fig. 1a, b but for SAT and frequency of hot summers averaged over the western US 630 

(black rectangle in Fig. 2). (c) Precipitation anomalies (mm day–1) over the western US. (d–f) Similar to (a–631 

c) but for 11-year running mean. (g) Anomalies of 11-year running mean indices of Pacific Decadal 632 

Oscillation (PDO) and Atlantic Multidecadal Oscillation (AMO). Both of the indices are standardized for 633 

1901–2010 period 634 
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 635 

Fig. 4 Composite anomalies of JJA-mean precipitation and sea surface temperature (SST) for “negative PDO 636 

and positive AMO” period (1951–1965 and 2003–2010) minus “positive PDO and negative AMO” period 637 

(1978–1999). (a) Land precipitation (mm day–1) in CRU TS v3.23. (b) Ensemble mean of ALL run. Only 638 

statistically significant anomalies at 95% confidence level are shown. (c) SST (K) in HadISST 639 

 640 

Fig. 5 Similar to Fig. 4, but for “negative PDO and negative AMO” period (1966–1977) minus “positive PDO 641 

and positive AMO” period (2000–2002) 642 

 643 

Fig. 6 JJA-mean precipitation anomaly (mm day–1) in GPCP during 2003–2010 relative to 1979–1999. Stipples 644 

indicate regions with statistically significant anomaly at 95% confidence level. Blue and red rectangles are 645 

the eastern tropical Pacific (ePac) and tropical Atlantic (tAtl) regions used in Fig. 8, respectively 646 

 647 

Fig. 7 (a) Composite anomalies of JJA-mean atmospheric circulation for “negative PDO and positive AMO” 648 

period (1958–1965 and 2003–2010) minus “positive PDO and negative AMO” period (1978–1999) in 649 

JRA-55. Shading represents eddy component (anomaly from zonal mean) of geopotential height (m) at 200 650 

hPa level. Vectors and contours are wind (m s–1) and geopotential height (±1, 3, 10 m) at 850 hPa level, 651 
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respectively. Solid and dashed contours represent positive and negative anomalies. (b) Similar to (a) but for 652 

the ALL run. Only anomalies with 95% confidence level are shown 653 

 654 

Fig. 8 Climatological (1951–2010) atmospheric heating rate (K day–1) due to large-scale condensation and 655 

convective precipitation in JRA-55. Black solid and gray dashed lines are averages over the ePac and tAtl 656 

regions shown in Fig. 6 657 

 658 

Fig. 9 Similar to Fig. 7, but for atmospheric response to tropical diabatic heating simulated in Linear Baroclinic 659 

Model (Sect. 2.3). (a) Atmospheric response to lower-tropospheric cooling over ePac region centered at 660 

140°W, 20°N (blue circle). Contours are geopotential height at 850 hPa level (±0.1, 0.5, 1 m). (b) Similar to 661 

(a) but for middle-tropospheric heating over tAtl region centered at 5°W, 12°N (red circle) 662 

 663 

Fig. 10 Signal-to-noise ratio during JJA determined by a ratio of standard deviation in 100-member ensemble 664 

mean to standard deviation among the members. (a) High-frequency and (b) low-frequency SAT variation 665 

shorter than 15 years and longer than or equal to 15 years, respectively. White contour represents 1.0. (c, d) 666 

Similar to (a, b) but for precipitation 667 

 668 

Fig. 11 Similar to Fig. 10, but for December-January-February (DJF)   669 
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Table 1. Anomalies over the western US during 2000–2010 relative to 1978–1999. ALL and NW lines represent 670 

results of 100-member AGCM simulations and non-warming simulations, respectively. ANT line is 671 

anthropogenic influence, determined by ALL minus NW (Sect. 2.2). Uncertainty ranges represent 95% 672 

confidence intervals 673 

 674 

 SAT (K) Hot summers (%) Precipitation (mm day–1)

CRU TS v3.23 0.61 ± 0.57 2.64 ± 3.93 –0.14 ± 0.15 

JRA-55 0.79 ± 0.69 4.20 ± 4.58  

ALL 0.74 ± 0.06 4.14 ± 0.53 –0.09 ± 0.02 

NW 0.25 ± 0.06 0.76 ± 0.42 –0.04 ± 0.02 

ANT 0.49 ± 0.08 3.38 ± 0.61 –0.05 ± 0.03 

 675 

  676 
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 677 

 678 

Fig. 1 (a) Surface air temperature (SAT; K) anomalies averaged over the Northern Hemisphere land areas during 679 

June-July-August (JJA) relative to 1958–1990 mean. Black and gray lines represent JRA-55 (1958–2010) 680 

and CRU TS v3.23 (1901–2010), respectively. Red and blue lines and shadings are ensemble mean and 681 

95% confidence interval of 100-member ALL and NW runs (1951–2010), respectively. (b) Similar to (a) 682 

but for anomalies (relative to 1958–1990) of areal fraction of hot summers (%) determined by mean and 683 

two standard deviation of SAT during 1958–2010 (see section 2.4) 684 

 685 

 686 
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 687 

Fig. 2 (a) JJA-mean SAT anomaly (K) during 2000–2010 relative to 1978–1999 in JRA-55. Stipples indicate 688 

regions with statistically significant anomaly at 95% confidence level. Black rectangle represents the 689 

western US region used in this study. (b) Similar to (a) but for ALL run. (c, d) Similar to (a, b) but for 690 

frequency of hot summers (%) 691 

 692 

  693 
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 694 

 695 

Fig. 3 (a, b) Similar to Fig. 1a, b but for SAT and frequency of hot summers averaged over the western US 696 

(black rectangle in Fig. 2). (c) Precipitation anomalies (mm day–1) over the western US. (d–f) Similar to (a–697 

c) but for 11-year running mean. (g) Anomalies of 11-year running mean indices of the Pacific Decadal 698 

Oscillation (PDO) and Atlantic Multidecadal Oscillation (AMO). Both of the indices are standardized for 699 

1901–2010 period 700 

 701 
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 702 

 703 

Fig. 4 Composite anomalies of JJA-mean precipitation and sea surface temperature (SST) for “negative PDO 704 

and positive AMO” period (1951–1965 and 2003–2010) minus “positive PDO and negative AMO” period 705 

(1978–1999). (a) Land precipitation (mm day–1) in CRU TS v3.23. (b) Ensemble mean of ALL run. Only 706 

statistically significant anomalies at 95% confidence level are shown. (c) SST (K) in HadISST 707 

  708 
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 709 

 710 

Fig. 5 Similar to Fig. 4, but for “negative PDO and negative AMO” period (1966–1977) minus “positive PDO 711 

and positive AMO” period (2000–2002) 712 

  713 
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 714 

 715 

Fig. 6 JJA-mean precipitation anomaly (mm day–1) in GPCP during 2003–2010 relative to 1979–1999. Stipples 716 

indicate regions with statistically significant anomaly at 95% confidence level. Blue and red rectangles are 717 

the eastern tropical Pacific (ePac) and tropical Atlantic (tAtl) regions used in Fig. 8, respectively 718 

  719 
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 720 

 721 

Fig. 7 (a) Composite anomalies of JJA-mean atmospheric circulation for “negative PDO and positive AMO” 722 

period (1958–1965 and 2003–2010) minus “positive PDO and negative AMO” period (1978–1999) in 723 

JRA-55. Shading represents eddy component (anomaly from zonal mean) of geopotential height (m) at 200 724 

hPa level. Vectors and contours are wind (m s–1) and geopotential height (±1, 3, 10 m) at 850 hPa level, 725 

respectively. Solid and dashed contours represent positive and negative anomalies. (b) Similar to (a) but for 726 

the ALL run. Only anomalies with 95% confidence level are shown 727 

  728 
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 729 

 730 

Fig. 8 Climatological (1951–2010) atmospheric heating rate (K day–1) due to large-scale condensation and 731 

convective precipitation in JRA-55. Black solid and gray dashed lines are averages over the ePac and tAtl 732 

regions shown in Fig. 6 733 

  734 
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 735 

 736 

Fig. 9 Similar to Fig. 7, but for atmospheric response to tropical diabatic heating simulated in Linear Baroclinic 737 

Model (Sect. 2.3). (a) Atmospheric response to lower-tropospheric cooling over ePac region centered at 738 

140°W, 20°N (blue circle). Contours are geopotential height at 850 hPa level (±0.1, 0.5, 1 m). (b) Similar to 739 

(a) but for middle-tropospheric heating over tAtl region centered at 5°W, 12°N (red circle) 740 

  741 
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 742 

 743 

Fig. 10 Signal-to-noise ratio during JJA determined by a ratio of standard deviation in 100-member ensemble 744 

mean to standard deviation among the members. (a) High-frequency and (b) low-frequency SAT variation 745 

shorter than 15 years and longer than or equal to 15 years, respectively. White contour represents 1.0. (c, d) 746 

Similar to (a, b) but for precipitation 747 

 748 

  749 
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 750 

 751 

Fig. 11 Similar to Fig. 10, but for December-January-February (DJF) 752 

 753 


